
Stable Isotope Distribution: Variations from Temperature, 
Organic and Water-Rock Interactions 

Robert E. Criss 

1. INTRODUCTION 

Several million measurements of the stable isotope 
ratios of oxygen, hydrogen, and carbon in natural 
substances have been made. The intent of this section is 
to encapsulate as much information as possible about the 
nature and distribution of these isotopes, and to direct the 
reader to the most useful sources of additional 
information. 

2. BASIC PRINCIPLES 

2.1. Elementary Definitions 
Every element consists of an assemblage of different 

types of atoms, termed nuclides, each constituted of 
protons, neutrons and electrons. Even though the atomic 
number Z, representing the nuclear charge and the number 
of protons, is the same for all nuclides of a given element, 
the number (N) of neutrons may vary. Thus the mass 
number A, an integer represented by the sum of Z + N, 
will also vary among the nuclides comprising that 
element. Nuclides of an element that have different values 
of A are termed isotopes, and are represented by the 
appropriate chemical symbol preceded by a superscript 
indicating the mass number. For example, a rare stable 
isotope of oxygen, called oxygen-18, has 8 protons and 10 
neutrons, and is denoted by the symbol 180. 
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Properties of the approximately 2500 known nuclides, 
most of which are artificial radionuclides with short half 
lives, have been tabulated (e.g., Walker et al., 1989). 
Only about 270 nuclides are stable, and these are classified 
as being either radiogenic or nonradiogenic, depending on 
whether they are, or are not, the daughter products of 
radioactive atoms that underwent nuclear decay, 
respectively. Nonradiogenic stable nuclides, a group 
including all atoms discussed below, have been present 
since nucleosynthesis. 

2.2. Natural Abundance 
The masses and natural abundances of stable isotopes 

am generally determined by sensitive mass spectrometers. 
Table 1 reports the atomic weights for H, C and 0 
isotopes in atomic mass units (amu, where 1 amu is 
defined as l/12 the mass of an atom of 12C), and their 
abundances in atom %. 

The atomic weight of the element (bold #‘s in Table l), 
which is the quantity one finds in an ordinary Periodic 
Table, is not a fundamental physical quantity but rather 
the sum of the masses of the constituent isotopes 
weighted by their abundances. In contrast, the atomic 
weights of the individual nuclides are intrinsic. Isotopes 
with an odd mass number tend to have lower abundances 
than those with an even mass number, although lH is an 
exception. 

If the abundances of the stable isotopes were truly 
invariant, their measurement would have very limited 
application. In fact, the abundances given above are 
averages, and in detail the values vary from sample to 
sample. This implies, of course, that the atomic weight 
of these elements will also vary slightly from sample to 
sample. 
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TABLE 1. Atomic Weights and Abundances of the Stable H. C and 0 Isotopes (ref. 79) 

ELEMENT 

HYDROGEN (Z=l) 

ISOTOPE ATOMIC WEIGHT (amu) ABUNDANCE (atom %) 

1.0079 
lH (Frotium) 1.007825 99.985 
2H (D, for Deuterium) 2.014102 0.015 

CARBON (Z=6) 12.011 
12C 12.00000 98.90 
13C 13.00335 1.10 

OXYGEN (Z=8) 15.9994 
160 15.994915 99.76 
170 16.999131 0.04 
180 17.999160 0.20 

2.3. Notation and Standards 
Natural variations in the abundance of the stable 

nonradiogenic isotopes are normally rather small, and 
sensitive electronic devices, called isotope ratio mass 
spectrometers, have been devised to make precise 
determinations. For routine measurements of H, C, and 0 
isotopes, such instruments singly ionize, accelerate and 
collimate a beam of either CO2 or H2 gas, which is then 
passed through a magnetic field to resolve the beam into 
distinct molecular beams that contain the different 
isotopes. The intensities of the resolved beams are then 
electronically counted and compared. A switching 
mechanism is employed that allows rapid comparison of 
the intensities of the sample beams with those of a known 
gas standard. This method permits the isotopic 
constitution of the unknown to be determined by the 
difference in intensities from those of the standard, and 
circumvents the necessity of making measurements of 
absolute intensities for each sample, which are more 
difficult. 

Given the above, it is natural to represent the difference 
in isotopic composition of the sample (x) and standard 
(std) by dimensionless S-values (termed “delta-values”), 
defined by the formula: 

6 E 1000 Rx - Rstd 
Rstd 

where the R’s refer to the isotope ratios, either D/H, 
13C/12C, or 18 16 O/ 0, as appropriate. Depending on the 
element of interest, this formula defines the 6D (or 62H), 
6l3C, or 6l80 values. The factor of 1000 converts the 6- 
values to per mil (%o). However, some workers use a 
factor of 100 when reporting hydrogen isotope data, in 
which case the 6D values are given in percent (%). Thus 
equation 1 specifically becomes one of the following: 

al80 G 1000 m 

8D =lOOO -1 (2b) 
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The isotopic standards used in equation 2 are those most 
widely used, and have been chosen for convenience. The 
most useful standard for oxygen and hydrogen is Standard 
Mean Ocean Water (SMOW), defined by Craig (1961a). 
That for carbon is a Cretaceous belemnite from the Peedee 
Formation of North Carolina (PDB; Craig, 1957; 
Friedman and ONeil, 1977). 

It is commonly necessary to convert the S-value of a 
sample (“X”) measured relative to one isotopic standard 
(“S 1”) to that which would be measured relative to another 
(“S2”). This conversion is approximately made by adding 
the per mil difference, 8~2s 1 between the two standards, 
but is exactly accomplished with the standard conversion 
identity (Craig, 1957): 

“82X = ss,x + Ss2S1 + &(SSlX) (Ss281) C3) 

For example, the Peedee belemnite is commonly used 
as an alternative l8O/l60 standard for carbonates. This 
oxygen standard is also called PDB, but will not be 
utilized in this paper. Thus, a 6180 measurement of 
calcite reported on the PDB scale may be readily converted 
to the SMOW scale, or vice versa, with the relationship 
(Friedman and O’Neil, 1977): 

+ 30.86 (4) 

2.4. Conservation of Mass 
Conservation of mass in an n-component isotopic 

system may be readily taken into account with the 
relation: 

6 system where i Xi’ 1 
i=l 

(5) 

Here the Xi and Si respectively represent the mole 
fractions and S-values for the element of interest in each 
constituent phase. This simple approximation, which for 
the H, C and 0 isotopes is very accurate, has numerous 
applications (Gregory et al., 1989). For example, if two 
or more different samples are mixed in a bulk ratio defined 
by the Xi, then Ssystem simply becomes the S-value of 
the resultant mixture. In other cases, such as for a 
redistribution of isotopes among the different phases that 
constitute a closed isotopic system, the value of Ssystem 
will be invariant even though the individual Si values may 
all vary. 

2.5. Isotopic Fractionation 
2.5.1. Fractionation factors. A number of 

processes can cause the isotopes of a given element to 
vary in relative abundance, or fractionate, among different 
chemical phases or even among the separated parts of an 
original homogeneous phase. The magnitudes of these 
variations are observed to be largest for the light elements, 
for which the relative difference in atomic mass between 
the common (m) and rare (m*) isotopes, (m*-m)/(mm*), 
are largest (Bigeleisen, 1965). Isotopic fractionation 
effects also tend to be largest for elements that form 
covalent bonds, with the heavy isotope preferentially 
concentrating in the compound that bonds the element 
most strongly (Bigeleisen, 1965; O’Neil, 1986). 

The quantitative description of this isotopic partitioning 
between two phases, A and B, is generally made in terms 
of the isotopic fractionation factor, a, defined as: 

c~A-B E RA/RB 

These factors can refer to partitioning produced by 
equilibrium or kinetic processes, or to some combination. 
This fundamental definition may be recast in terms of the 
S-values of phase A and phase B provided that these are 
reported relative to the same isotopic standard 

1000 + 6, 

aA-B = IOOO+ 6, (7) 

This important and exact relation allows one to calculate 
the apparent (i.e., measured) fractionation factor from the 
S-values of two associated phases, or to predict the S-value 
of one phase from that of another if equilibrium has been 
attained and if the appropriate fractionation factor is 
known. 

Values of a tend to be close to unity for processes that 
fractionate the carbon and oxygen isotopes, with most 
values being in the range of 1 .OOl to 1.040. Values for 
hydrogen may also be similar to unity but in some cases 
are considerably larger, owing to the great relative mass 
difference between protium and deuterium. For the usual 
circumstance where CI - 1, equation 7 becomes: 

AAsB E sA - 6, E 1000 (aATB -1) = 1000 In aAsB (8) 

The quantity SA - SB is defined as AA-B (“big delta”) and 
provides a convenient but rough estimate of the 
“fractionation” between the two phases. Thus, if SA were 
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+15.0 and 6B were -5.0 per mil relative to some standard, 
a geochemist would state that “there is a 20 per mil 
fractionation between phases A and B” (eq. S), but the 
actual value of CXA-B would be close to 1.0201 (eq. 7). 
An alternate definition of AA-B is lOOOlnaA-B, which is 
also approximately equal to 6A- 6B if aA-B is close to 
unity. 

2.5.2. Equilibrium fractionation. If two 
substances containing a light element comprising different 
stable isotopes are in isotopic equilibrium, they normally 
will not have identical isotope ratios. These fractionation 
effects are in most cases too small to be accurately 
calculated from ordinary thermodynamic data. However, 
Urey (1947) was able to use statistical thermodynamics 
and the known vibrational frequencies of ordinary and 
isotopically-substituted molecules to accurately predict the 
isotopic fractionation factor, ae% for many pairs of 
different gases in equilibrium. This work established that 
aeq varies with absolute temperature (T). This discovery 
allowed Urey to suggest the paleotemperature method, 
which has now become a standard tool for research on past 
climates and on the formation of rocks and ore deposits. 

In the most straightforward cases, Urey’s theory 

indicates that lnaeq is a linear function of l/T at low 
temperatures and of l/T2 at high temperatures, ultimately 
approaching zero fractionation (A = 0; i.e., a=l) at 
infinite temperature (Urey, 1947; see Criss, 1991). In 
many real cases, however, the variations of aeq with 
temperature are more complicated (Stem et al., 1968). No 
dependence of aeq with pressure has been found, probably 
because the nucleus constitutes only about one-trillionth 
of the atomic volume, so that addition of neutrons will 
negligibly affect the atomic volume and the electron shell 
configuration. 

Some fractionation factors of geologic interest are given 
in Table 2 and shown in Figure 1. The coefficients refer 
to experimentally-determined equations of the form, where 
T is in Kelvins: 

1OOOln aeq=C1 +C2/T+C3/r2 (9) 

Such empirical equations generally apply only over 
restricted ranges in temperature. Typically, Cl and C2 are 
zero for most solid-solid reactions, probably because the 
vibrational frequencies of solids are low so-that the high 

TABLE 2: Some Isotopic Fractionation Factors of Geologic Interest (see eq. 9) 

Type Phase A Phase B Cl c2x 103 c3 x 106 T”C range Ref. 

D/H Water Water Vapor 52.612 -76.248 24.844 -20” to +50” 50 

13c/l*c HC03- CO*(g) -24.10 9.552 0 5’ to 125’ 51,31 

1*opo Water Water Vapor -2.0667 -0.4156 1.137 0” to loo0 50 

1*o/160 co2w Water -15.19 16.60 0 o”toloo” 31 

180/160 Calcite Water -2.89 0 2.78 0” to 500” 56,31 

180/160 Quartz Water -2.90 0 3.38 200” to 500” 12,31 

180/‘60 Albite Water -3.41 0 2.91 350” to 800” 55 

180/160 Quartz Magnetite 0 0 6.29 600” to 1300” 7 

180/160 Quartz Albite 0 0 0.94 600” to 1300” 7 

* *opo Anorthite Diopside 0 0 0.76 600” to 1300° 7 

1*opo Diopside Forsterite 0 0 0.92 600” to 1300” 7 
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Fig. 1. Graph of oxygen isotopic fractionation factors 
between liquid water and either water vapor, carbon dioxide 
gas, or calcite as a function of inverse temperature, from 
Table 2. If all phases were in equilibrium at 25°C (i.e., at 
1000/r = 3.354) with seawater having Z1*O = 0, then the 
respective 8180 values calculated from equation 7 would 
be -9.3 for the water vapor, +41.3 for the CO2 gas, and 
+28.8 for the calcite. The latter values are rather close to 
those observed in water vapor and CO2 in the marine 
atmosphere, and in recent shell materials; however, kinetic 
fractionation effects may also be involved in actual cases. 

temperature condition, where ha = C3/r2, is effectively 
attained (see Bottinga and Javoy, 1973). Many additional 
fractionation factors are compiled by Friedman and O’Neil 
(1977) and Richet et al. (1977); O’Neil (1986) tabulates 
data sources. 

If two independent fractionation equations contain one 
phase in common, it is commonly useful to combine 
these equations into a new equation that directly relates the 
other two phases. This is possible because, according to 
eq. 6, Q-B divided by (XC-B gives CCA-C. For equations 
of the form of eq. 9, this computation is effected by 
simply subtracting the analogous numerical coefficients. 
However, fractionation equations thus derived will have 
greater uncertainty than the original determinations: 
moreover, their range of validity may be very restricted, 
making extrapolations dangerous. For example, 
combination of the quartz-water and albite-water 
fractionations in Table 2 gives a geologically 
unreasonable quartz-albite fractionation equation that 
disagrees with the new determination by Chiba et al. 
(1989). 

2.53. Kinetic fractionation and exchange 
effects. A number of unidirectional processes can 

fractionate isotopes because the transport and/or reaction 
rates are not equal for molecules containing the different 
isotopes of an element. A simple case is the different 
diffusion rates for the various isotopic species of a gas. 
According to the kinetic theory of gases, all gas molecules 
at a given temperature have the same average kinetic 
energy. A direct consequence is “Graham’s law of 
diffusion”, which states that the translational velocity 
ratio v*/v of two gaseous molecules with masses of m* 
and m is: 

* 
V 

d 

m -= 
V * 

m 
(10) 

This relation is applicable to a gas that diffuses through a 
porous plug or an opening that is smaller than the mean 
free path. Owing to their faster translational velocities the 
molecules with the lowest mass will preferentially escape, 
and the original mixture will separate into a light fraction 
and a residue that is enriched in the heavy isotope. 

Kinetic isotope effects can also arise from differences in 
reaction rates, as could occur if the chemical bonds 
containing the light isotope were easier to break, perhaps 
because of a higher vibrational frequency. Evaporation of 
water involves a combination of surface effects and 
diffusion that together produce a significant kinetic 
isotope effect (e.g., Craig and Gordon, 1965). 

One common type of kinetic effect arises during 
isotopic exchange between substances out of equilibrium. 
In such a case and regardless of the reaction order or the 
exchange mechanism, as time (t) increases the Gvalue of a 
substance will vary from the initial value 6i to the 
equilibrium value &q, according to the exponential 
relation, where k is a constant (Criss et. al., 1987): 

- _ eekt 6-6eq _ 
6i-6eq (11) 

3. NATURAL ISOTOPIC VARIATIONS OF 
OXYGEN AND HYDROGEN 

3.1. Natural Waters 
Hydrogen and oxygen isotope ratios are conservative, 

uniquely intrinsic tracers for elucidation of the origin and 
transport of H20 in the hydrologic cycle. In addition, the 
physical processes that govern H20 transport are 
amenable to theoretical modelling using isotope data. The 
characteristics of the principal reservoirs of natural waters 
are as follows: 

3.1.1. Ocean water. The oceans have a mean depth 
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of 3.8 km, a volume of 1.37x10 9 3 km , and constitute 
97.25% of the hydrosphere. This large reservoir is 
strikingly uniform, with almost all samples having S180 
= 0 St 1 and 6D = 0 f 5 per mil relative to SMOW (Craig 
and Gordon, 1965). Most variations occur in surface 
waters, are coupled with variations in salinity, and are 
attributable to evaporation, formation of sea ice, or 
addition of meteoric precipitation. 

Although some workers have argued that a large secular 
change in the S180 values of ocean water has occurred 
over geologic time, it is likely a value near zero is 
buffered by fluid-rock interactions at spreading centers 
(Muehlenbachs and Clayton, 1976, Gregory and Taylor, 
1981). In contrast, preferential loss of protium from the 
upper atmosphere to space may have resulted in a 
significant change in the 6D value of the Earth over 
geologic time. Fluctuations of approximately + 1 and 
f 8 per mil for the 6l80 and 6D values of ocean water, 
respectively, occurred during the Quatemary because of the 
cycles of growth and melting of icecaps. 

3.1.2. Meteoric Waters. The physical processes 
responsible for the transport and precipitation of 
atmospheric water impart a very characteristic signature to 
meteoric precipitation, so that modem meteoric waters 
conform closely to the “Meteoric Water Line”, or MWL, 
of Craig (196lb); Fig. 2: 

6D=86180+ 10 (12) 

Note that SMOW does not lie on the MWL; the 6D 
difference of +10 is defined as the “deuterium excess”, and 
to first order is a kinetic effect produced during evaporation 
of seawater (Craig and Gordon, 1965). In detail, the 
precise value of the deuterium excess varies 
geographically, and different equations have been proposed 
for different regions (e.g., Sheppard et al., 1986). 

The SD and 6180 values of meteoric waters are strongly 
correlated with temperature, and vary with latitude, 
altitude, proximity to the ocean, and other effects 
(Dansgaard, 1964). In general, precipitation processes 
progressively and preferentially deplete an atmospheric 
mass of its D and 180, so that the SD and g180 values of 
rain in the tropics is similar to ocean water, whereas very 
low 6D (to - -500) and al80 (to - -60) values occur in 
winter ice at the South Pole. The variations can to first- 
order be simulated with the Rayleigh fractionation 
equation that describes the progressive condensation of a 
cloud during cooling: 

lOOO+S = p-1 
lOOO+ Si 

(13) 

-20 -15 -io 0 Ib 

PO 
Fig. 2. Graph of 6D vs g180 values of some natural 
waters, relative to SMOW. Meteoric waters generally lie 
along or near the meteoric water line of slope 8 (Craig, 
196lb), and become more depleted in D and 180 as one 
progresses from the tropics to temperate zones to higher 
latitude regions. A similar diagram was used by Craig 
(1963) to show that geothermal fluids from numerous 
arcas in the world are predominantly derived from ordinary 
meteoric waters. As an example, chloride type (circles) 
and acid-sulfate (open triangles) geothermal fluids from 
Lassen Volcanic National Park are distinct from magmatic 
waters, defining trends that clearly originate on the MWL 
at a point identical to the local meteoric waters (solid 
diamonds) in that vicinity (see Janik et al., 1983). 
However the chloride waters exhibit a significant, zero 
slope ” 18 O-shift” due to water-rock interactions, whereas 
the acid sulfate trend (slope - 3) is characteristic of 
evaporation at near-boiling temperatures. 

where 6i and 6 are the b-values of the water at the 
beginning and at any time of the condensation process; a 
refers to the liquid-vapor (or ice-vapor) fractionation factor 
which is for simplicity here assumed to be constant; and f 
refers to the fraction of vapor that remains. Although no 
simple model can explain all the complexities of global 
precipitation, the Rayleigh equation approximately 
accounts for the slope of the MWL, for the variation of 
6180 and 6D values with temperature, and for the 
existence of small amounts of precipitation in cold 
regions that is highly depleted in 180 and D relative to 
temperate and tropical meteoric waters. 

3.1.3. Glaciers and icecaps. Ice comprises more 
than 2% of the hydrosphere and provides a direct and 
sequential record of “fossil” meteoric precipitation. Ice 
cores from the several-km-thick Greenland and Antarctic 






















